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a b s t r a c t
Spiciness variability in the thermocline is believed to be an important subsurface ocean process affecting
sea surface temperature (SST) and climate variability over the tropical oceans. Analysis of in-situ
observations during 2003–2014 reveals pronounced spiciness variations at interannual-to-decadal
timescale within the thermocline of the tropical Indian Ocean (TIO). Isopycnal potential temperature
and salinity anomalies between σθ¼24.0–25.0 kg m3 have typical magnitudes of 0.2 1C and 0.08 psu in
the southeastern Arabian Sea and the southern TIO, comparable with those observed in the Paciﬁc basin.
In the southeastern Arabian Sea, spiciness variations are dominated by a decadal trend, showing positive
(warm, salty) anomalies in 2003–2006 and negative (cold, fresh) anomalies in 2009–2013. The major
cause is the mixed-layer property change in the northern Arabian Sea, which induces variation in both
spiciness and amount of water detrained down to the thermocline. In the southern TIO, largest variations
occur at two zonal spiciness fronts where different thermocline water masses converge. These signals
are primarily produced by wind-driven geostrophic advection. Anomalies at the northern front (11–61S)
exhibit westward spreading tendency and quick diffusion, which reﬂect mainly the signatures of the 1st
baroclinic mode Rossby waves. Anomalies at the southern front (18–131S) move westward to the
western TIO via the advection of the South Equatorial Current (SEC). These low-frequency subsurface
spiciness variations can alter the background vertical thermal gradient in the thermocline ridge region
(55–851E, 12–41S), although such impact on the SST variability is generally small.
& 2015 The Authors. Published by Elsevier Ltd. This is an open access article under the CC BY-NC-ND
license (http://creativecommons.org/licenses/by-nc-nd/4.0/).
1. Introduction
Potential temperature θ and salinity S of sea water at a given
isopycnal surface are addressed as “spiciness” by oceanographers (e.g.,
Veronis, 1972; Munk, 1981; Flament, 2002; Huang, 2011). Correspond-
ingly, density-compensated isopycnal θ and S variability is referred to
as spiciness variability (e.g., Schneider, 2000). Positive (warm, salty)
and negative (cold, fresh) subsurface spiciness anomalies are usually
produced in the formation areas of thermocline water masses by air–
sea interaction (Bindoff and McDougall, 1994), anomalous subduction
(Johnson, 2006), and convective mixing (Yeager and Large, 2004).
Otherwise, away from the outcropping region, anomalies can also be
generated by subsurface isopycnal advection across spiciness fronts
(Schneider, 2000; Kilpatrick et al., 2011; Li et al., 2012b). After
generation, spiciness variations spread passively in the ocean via the
wind-driven upper-ocean circulation. The important role of large-
scale, low-frequency spiciness variations in the tropical climate
modulations is drawing increasing attention. Especially, anomalies
from the extra-tropics are brought equatorward by the lower branch
of the shallow overturning cell (e.g., McCreary and Lu, 1994; Lee and
Marotzke, 1998) and affect sea surface temperature (SST) variability
through the equatorial upwelling (e.g., Schneider, 2004; O’Kane et al.,
2014), which is believed to be one of the mechanisms responsible for
the decadal climate variability (Latif and Barnett, 1996; Gu and
Philander, 1997).
Descriptions of subsurface thermal variations in the Paciﬁc basin
based on historical hydrographic data have been available since the
1990s (Deser et al., 1996; Zhang et al., 1998; Schneider et al., 1999; Luo
and Yamagata, 2001). Decadal timescale anomalies emerge at mid-
latitudes of both hemispheres and propagate to the tropical Paciﬁc
along themean geostrophic streamlines in themain thermocline. It was
also pointed out that these anomalies undergo intensive diffusion along
the pathways and have been greatly weakened as reaching the tropics
(Schneider et al., 1999). Due to the shortage of subsurface conductivity
measurements, it was difﬁcult to separate spiciness signals from
planetary wave signals in historical data. On the other hand, the
connection between tropical and subtropical oceans through subsurface
spiciness signal transmission were conﬁrmed by many numerical
modeling studies (e.g., Pierce et al., 2000; Nonaka and Xie, 2000;
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Schneider, 2000, 2004; Yeager and Large, 2004; Luo et al., 2005;
Nonaka and Sasaki, 2007). Modeling researches also suggested that
spiciness variations, especially those from the South Paciﬁc, have a
considerable impact on the decadal climate transitions (e.g., Giese et al.,
2002; Yeager and Large, 2004; Luo et al., 2005; O’Kane et al., 2014).
The launch of Argo program (Roemmich et al., 2009) in the
2000s provides a powerful tool to routinely monitor the tempera-
ture and salinity variations below the sea surface. Analyses of Argo
data have revealed robust spatial-temporal characteristics of
regional and basin-scale spiciness variability (e.g., Johnson, 2006;
Yeager and Large, 2007; Sasaki et al., 2010; Kolodziejczyk and
Gaillard, 2012; Li et al., 2012a, 2012b; Katsura et al., 2013;
Kolodziejczyk et al., 2014). Anomalies with large magnitudes are
formed in the eastern Paciﬁc basin in both hemispheres and
communicated to the central equatorial Paciﬁc by the interior
equatorward ﬂow (Johnson and McPhaden, 1999). Albeit inten-
sively diffused along the pathways, arrivals of these signals are still
sufﬁcient to modify the background thermal structure of the
equatorial region upon which SST evolves (e.g., Kolodziejczyk
and Gaillard, 2012; Li et al., 2012a). These results provide observa-
tional support for the climatic importance of thermocline spiciness
variations proposed by earlier modeling studies.
While most of the existing researches were focused on the
spiciness variations in the Paciﬁc Ocean (e.g., Schneider et al.,
1999; Schneider, 2000, 2004; Kessler, 1999; Yeager and Large,
2004; Luo et al., 2005; Sasaki et al., 2010; Kolodziejczyk and
Gaillard, 2012, 2013) or the Atlantic Ocean (e.g., Lazar et al., 2001;
Laurian et al., 2006, 2009; Kolodziejczyk et al., 2014), their
counterpart in the Indian Ocean has never been examined before.
However, the important role of the tropical Indian Ocean (TIO) in
global climate has been increasingly recognized (e.g., Annamalai
et al., 2007; Xie et al., 2009; Luo et al., 2010, 2012). Especially, the
strong SST variance in the Seychelles–Chagos thermocline ridge
(SCTR) (McCreary et al., 1993; Hermes and Reason, 2008) of the
southwest TIO has profound local and remote impacts on the
weather and climate (e.g., Xie et al., 2002; Annamalai et al., 2005;
Duvel and Vialard, 2007; Izumo et al., 2010a, 2010b; Vialard et al.,
2009; Li et al., 2013). Spiciness anomalies can travel in the
complicated Indian Ocean overturning circulation (Lee and
Marotzke, 1998; Schott et al., 2002; Lee, 2004) and modulate,
directly or indirectly, the TIO SST variability associated with the
important climate modes, such as the Madden–Julian oscillations
(Madden and Julian, 1971) and the Indian Ocean dipole (IOD) (Saji
et al., 1999). In this regard, knowledge of the thermocline spiciness
variations in the TIO could contribute to our understanding of the
tropical air–sea interaction.
In this study we attempt to investigate the low-frequency (inter-
annual-to-decadal timescale) spiciness variability in the thermocline
of the TIO. In-situ and satellite observational data (Section 2) are
analyzed to reveal the spatial structure (Section 3.1) and temporal
variability (Section 3.2) of the thermocline spiciness, explore the
generation mechanism of low-frequency anomalies in important
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Fig. 1. (a) Number of monthly proﬁle of the MOAA GPV dataset in the TIO (30–1201E, 201S–201N). (b) Mean interpolation errors of temperature between σθ¼
24.0–25.0 kg m3 of the MOAA GPV in the TIO. (c) is the same as (b) but for salinity.
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regions (Sections 3.3 and 3.4), and discuss their possible impact on the
TIO SST (Section 4). Primary ﬁndings of the paper are summarized in
Section 5.
2. Data and methods
The Grid Point Value of the Monthly Objective Analysis (MOAA
GPV) (Hosoda et al., 2008) is a monthly ocean-state estimate product
based on data proﬁles from Argo ﬂoats, buoymeasurements, and casts
of research cruises. For each month since January 2001, temperature
and salinity data from various sources are interpolated onto standard
pressure levels between 10 and 2000 dbar using the Akima spline
(Akima, 1970) and then mapped onto 1111 ﬁelds using the two-
dimensional optimal interpolation method. The ﬁnal MOAA GPV
product provides gridded monthly estimates of temperature and
salinity together with their interpolation errors. The vertical pressure
levels in the upper 500 dbar are at 10, 20, 30, 50, 75,100,125,150, 200,
250, 300, 400, and 500 dbar. A detailed description of data processing,
gridding, and error estimation of MOAAGPV is provided in Hosoda
et al. (2008). Since available, MOAA GPV has been widely utilized by
recent researches to investigate surface and subsurface oceanic
variability on both regional and global scales (e.g., Li et al., 2012a,
2012b; Katsura et al., 2013; Prakash et al., 2013; Qiu and Chen, 2013).
In the TIO (30–1201E, 201S–201N) there is a steady increase of
data proﬁles for MOAA GPV during the past 15 years (Fig. 1a),
primarily beneﬁting from the proceeding of the Argo program. The
monthly proﬁle number has exceeded 5000, 10,000, and 15,000
since 2003, 2005, and 2011, which indicates that there are on
average more than 2.4, 4.8, and 7.1 proﬁles in each 1111 grid box,
respectively. The interpolation errors of temperature and salinity
in the σθ¼24.0–25.0 kg m3 layer (which will be shown to be a
good representation of the TIO main thermocline) decrease rapidly
with time (Fig. 1b and c). Here potential density σθ is calculated
with reference to the sea surface. Since 2003 the mean interpola-
tion errors have been below 0.8 1C and 0.07 psu (unit based on
practical salinity scale PSS-78) and further reduced to around
0.3–0.5 1C and 0.02–0.04 psu since 2006. Because the typical
magnitudes of low-frequency θ and S anomalies are respectively
0.2 1C and 0.08 psu (see Section 3.2), the signal-to-noise ratio is
much higher for S than for θ. Here we mainly use the monthly
mean S between 24.0 and 25.0 kg m3 as the representative of the
spiciness level in the TIO thermocline. Data spatial distribution
and equipment precision are also factors we should consider in
interpreting the results, especially before 2005.
In this study, we mainly use the MOAA GPV data during January
2003–November 2013. Data records are resampled into 0.1 kg m3
σθ bins through linear interpolation. As an indicator of isopycnal
geostrophic stream function, acceleration potential (AP) is calcu-
lated by vertically integrating speciﬁc volume anomaly δ from the
2000-dbar reference level. Zonal and meridional geostrophic
currents are further estimated with the isopycnal gradients of AP
through
ðU;VÞ ¼ 1
f
∂AP
∂y
;
∂AP
∂x
 
; ð1Þ
where f is the Coriolis parameter. To obtain low-frequency varia-
tions, climatological seasonal cycle is ﬁrst removed from the
original data, and a 13-month low-pass Hanning ﬁlter is used to
remove high-frequency signals (addressed as the “low-pass ﬁl-
tered” data hereafter). To keep the data length, the MOAA GPV
data during July–December 2002 and December 2013–May 2014
are also involved in the ﬁltering but discarded from the low-pass
ﬁltered data.
Besides MOAA GPV, other datasets used in our analysis include
the 0.2510.251 sea surface height (SSH) product of the Archiving,
Validation, and Interpretation of Satellite Oceanographic (AVISO)
(Ducet et al., 2000) and the 0.710.71 10 m wind data from the
European Centre for Medium-Range Weather Forecasts (ECMWF)
Reanalysis Interim (ERA-Interim) product (Dee et al., 2011). Zonal
and meridional surface wind stress, τx and τy, are calculated from
the ERA-Interim 10 m wind speed |W10| using the standard bulk
formula,
τx ¼ ρacd W10j ju10 and τy ¼ ρacd W10j jv10; ð2Þ
where ρa¼1.175 kg m3 is the air density, cd¼0.0015 is the drag
coefﬁcient, and u10 and v10 are the zonal and meridional 10 m
wind components. The two datasets are available at respectively
weekly and daily resolutions, but here they are averaged into
monthly resolution to facilitate our analysis.
At interannual timescale, El Niño-Southern Oscillation (ENSO) and
the IOD are the two primary climate modes inﬂuencing the TIO. Here
we adopt respectively the Niño-3.4 index from the Climate Prediction
Center (CPC) of the National Oceanic and Atmospheric Administra-
tion (NOAA) and dipole mode index (DMI) from the Frontier Research
Center for Global Change of the Japan Agency for Marine-Earth
Science and Technology (JAMSTEC) as indicators of them.
3. Results
3.1. Mean structure
Before investigating temporal variability, it is instructive to ﬁrst
cast a glance at the mean spatial structure of the thermocline spiciness
which mainly reﬂects the distribution of several major thermocline
water masses. The meridional salinity section at 65.51E provides a
rough image of water mass distribution for the Arabian Sea and the
southwestern Indian Ocean (Fig. 2a). The σθ¼24.0–25.0 kg m3 layer
is at a mean depth of 100 m at low latitudes and reaches the mixed
layer base (about 30–40 m) in the northern Arabian Sea (north of
181N) and the subtropical South Indian Ocean (south of 251S). In the
following content, we will show that this layer corresponds roughly to
the depth of the main thermocline in the TIO. Two high-S waters are
formed in the two outcropping regions and spread equatorward as
subsurface high-S tongues. The two water masses are named respec-
tively as the North Indian Water (NIW) and the South Indian
Subtropical Water (STW) (Rochford, 1964; Talley and Baringer, 1997;
Wijffels et al., 2002). They are separated by a body of fresh water
between 14 and 81S. Checking the lateral distribution between 24.0
and 25.0 kg m3 reveals that this fresh water locates at the western
tip of a low-S tongue in the southern TIO (Fig. 2b). This subsurface
fresh water tongue originates from the Maritime Continent and
wedges into the prevailing high-S Indian Ocean water by the advec-
tion of the South Equatorial Current (SEC) between 14 and 81S. It is
named as the Australasian Mediterranean Water (AAMW), reﬂecting
its origin (Mamayev, 1975; You and Tomczak, 1993). All the three
waters exist as subsurface salinity (or spiciness) maxima, except that
the NIW and STW have relatively much higher spiciness levels (warm,
salty) than the AAMW. Convergence of the three water masses forms
two zonal spiciness fronts in the central-to-eastern TIO basin (e.g.,
Gordon et al., 1997; Wijffels et al., 2002). The northern front at 11–61S
separates the NIW and AAMW, while the southern front at 18–131S
marks the boundary between the AAMW and STW.
The σθ¼24.0–25.0 kg m3 layer is at a mean depth of 80–140m
over most areas of the TIO (Fig. 2c). In the SCTR region (55–851E,
12–41S), it is elevated to 70–80m due to the strong wind-driven
upwelling. The mean θ distribution of this layer (shown in Fig. 3b)
closely resembles that of S. The typical θ value in the TIO is between
20 and 23 1C, consistent with the widely adopted deﬁnitions of the
main thermocline in the TIO, e.g., Z20 or Z23, depth of the 20 1C or
23 1C isotherm (e.g., Xie et al., 2002; Hermes and Reason, 2008). We
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also checked the θ and depth maps for each season (not shown).
Though with prominent seasonal ﬂuctuations, the typical values of θ
and depth are always within the reasonable ranges for the main
thermocline of the tropical ocean.
3.2. General features of spiciness variability
Standard deviation (STD) of the low-pass ﬁltered isopycnal salinity
measures the strength of low-frequency spiciness variability (Fig. 3a).
Large STDs with magnitudes up to 0.08 psu can be seen in the
southeastern Arabian Sea and the southern TIO. Variations in the
Arabian Sea are adjacent to the outcropping area in the north. In this
study, the outcropping area refers to the area where the mixed layer
potential density falls between 24.0 and 25.0 kg m3. These signals
are basically conﬁned north of 51N, having little inﬂuence on the
equatorial region. In contrast, the large variations in the southern TIO
occur in areas away from the outcropping area. Two separated high-
STD patches stand out, with large variance spreading westward. One
large patch with STD¼0.07–0.08 psu locates between 11 and 61S,
while the other patch with maximal STD of 0.06–0.07 psu appears
between 18 and 131S. These salinity signals are well above the 0.02–
0.04 psu mean interpolation error and O (0.01 psu) measurement
precision of Argo ﬂoats (e.g., Riser et al., 2008). We also checked the
regional interpolation errors in these high-STD areas, which are close
to the basin mean value. If described in term of isopycnal θ, the typical
STD value of these variations is around 0.2 1C (Fig. 3b), which will be
below the mean 0.3–0.5 1C interpolation error. This makes isopycnal
salinity a better measure of spiciness variability than isopycnal θ.
Spiciness variability in the TIO has comparable magnitudes to its
counterpart in the Paciﬁc basin (see also Kolodziejczyk and Gaillard,
2012; Li et al., 2012a), albeit with relatively smaller spatial scale. Such
pronounced spiciness changes in the thermocline are quite worthy of
in-depth investigation.
It is interesting to note that the STD maxima appear at the two
zonal fronts where meridional spiciness gradient is large, which
can be crucial for the local production of spiciness anomalies. On
the other hand, the STD of AP shows large values at the central
southern TIO basin (Fig. 3c), suggesting strong geostrophic current
variations in the surrounding areas. Large lateral spiciness gradi-
ents together with strong current variability suggest the possible
role of anomalous advection across the mean spiciness fronts in
producing spiciness variations (e.g., Li et al., 2012b). The mean AP
contours are nearly zonal in the southern TIO, reﬂecting the
westward ﬂows of the SEC, which favors the westward spreading
of the spiciness signals from the eastern to the western basin.
Spiciness signals generated at the southern front are carried to the
western basin by the SEC, and further northward along the
Madagascar coast by the North Madagascar Current (e.g.,
Lutjeharms et al., 1981) to the SCTR region (55–851E, 12–41S),
although the signals have been rather weak (STDo0.05 psu) when
reaching the SCTR due to the along-path mixing. The northern
front, on the other hand, partly overlaps the SCTR region. Spiciness
variations produced at the northern front directly inﬂuence the
subsurface temperature of the SCTR.
To capture the spatio-temporal characteristics of these variations,
yearly mean maps of salinity anomaly are displayed in Fig. 4. Spiciness
in the southeastern Arabian Sea exhibits an evident decadal trend,
underscored by large positive anomalies during 2003–2006 and
negative anomalies during 2008–2013. These anomalies emerge near
the southeastern rim of the outcropping area of the northern Arabian
Sea, i.e., the formation region of the NIW. Mixed layer property change
and anomalous subduction in the outcropping may be important for
the generation of the thermocline spiciness anomalies.
In the southern TIO, signals generated in the central-to-eastern
basin are translated westward, which is more evident at the
southern front. For example, the negative anomaly at 60–701E in
2003 moves to 40–601E in 2004 and gets diminished in 2005; a
positive anomaly ﬁrst emerges in 2005 in the eastern basin at the
southern front, moves slowly to the central basin, gets strength-
ened during 2006–2007, and is ﬁnally diffused after 2008 in the
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western basin. These anomalies have basin-wide spatial scales and
magnitudes larger in the central-to-eastern basin than in the
western basin. Interestingly, variations at the two fronts are out-
of-phase in some years (e.g., 2007, 2010, and 2011) and in-phase in
some other years (e.g., 2005, 2006, and 2012). In the following two
subsections, we will further explore detailed characteristics and
generation mechanisms of the spiciness variations separately for
the Arabian Sea (Section 3.3) and the southern TIO (Section 3.4).
3.3. The Arabian Sea
Observed spiciness variability in the southeastern Arabian Sea is
characterized by a decadal trend. Fig. 5 shows the evolutions of
isopycnal salinity anomaly together with the mixed-layer salinity
(MLS) anomaly at 65.51E, 17.51N and 70.51E, 14.51N. Here the mixed
layer depth (MLD) is deﬁned as the depth at which the σθ difference
from the 10m value is equal to the σθ change by 0.2 1C temperature
decrease (de Boyer Montégut et al., 2004). At 65.51E, 17.51N, the upper
portion of the σθ¼24.0–25.0 kg m3 layer is within the mixed layer in
some months (Fig. 5a). Under the monsoonal wind forcing, the MLD
(unﬁltered) exhibits evident semiannual variability, shoaling and
diving twice a year. From late-winter (boreal) to spring, the MLD is
lifted from 70–80 m to 20–30 m, due to the increasing solar radiation
and weakening of the winter monsoon. During late-summer and fall,
the MLD elevates again from 60m to 40m, as the summer monsoon
retreats. The MLD shoaling detrains mixed layer water to the subsur-
face layer and also feeds the mixed layer property anomalies to the
thermocline. The consistency between MLS and thermocline S is quite
clear. There is also a tendency that thermocline S lags MLS by several
months. It is interesting to note that S in the deeper layer (below
25.0 kg m3) shows some unique variations, such as the negative
anomalies in 2004 and the positive ones in 2009. The two bulks of
spiciness anomalies are not likely related with the changes in the
mixed layer. They might be brought from their outcropping area in
further north, e.g., the Red Sea, or produced locally by anomalous
isopycnal advection.
Strongest spiciness variations are observed at the southeastern rim
of the outcropping area. Anomalies 40.15 psu can be seen between
σθ¼24.0–24.5 kg m3 at 70.51E, 14.51N (Fig. 5b), where this layer has
been well separated from the MLD. At this station, signiﬁcant
discrepancies are clearly discernible between MLS and thermocline
S. MLS features mainly biennial (2-year period) ﬂuctuations with a
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positive year followed by a negative year, while thermocline S is
dominated by quasi-decadal variation as shown in Fig. 4. Alternatively,
thermocline S bears more resemblance with the MLS in the upstream
area where the thermocline seasonally ventilates (Fig. 5a). It should
also be noted that, the 24.0 kg m3 isopycnal is quite close to the
MLD, especially in fall, when the MLD is deep, and the thermocline is
shallow. Thermocline spiciness can be modiﬁed locally by the mixed
layer through convective mixing (Yeager and Large, 2004, 2007;
Kolodziejczyk and Gaillard, 2013).
A more visual comparison between subsurface S and outcrop-
ping MLS can be achieved by plotting their yearly time series
together (Fig. 6a). Here subsurface S is averaged over the south-
eastern Arabian Sea (65–751E, 10–151N) where the interannual STD
achieves maximum, while the outcropping MLS is averaged over
grid points with the mixed layer σθ between 24.0 and 25.0 kg m3
in the central-to-eastern Arabian Sea (60–701E, 12–261N). We also
calculated the MLS for only MLD “shoaling months” (such as
February–April and August–October), but it is found that the
shoaling months differ spatially and vary from year to year, and
the result has little difference from the all-year-round MLS. The
outcropping MLS (blue in Fig. 6a) shows similar quasi-decadal
changes as the subsurface S (black in Fig. 6a), with positive
anomalies during 2003–2004, negative anomalies during 2011–
2012, and a rebound in 2013. The changes of the outcropping MLS
are however determined by two processes: the mixed layer salinity
change of the outcropping area which is induced by atmospheric
freshwater forcing and ocean mixed layer dynamics; and the
geographical change of outcropping region, i.e., the sea surface
density variation. To roughly separate the two effects, we compute
the “area-ﬁxed” MLS (red in Fig. 6a), which is the MLS averaged
over the climatologic mean outcropping area of 24.0–25.0 kg m3
layer. Although this area-ﬁxed MLS evolves quite differently from
the subsurface S and time-varying MLS, it does have positive
anomaly in 2003–2004 and negative anomaly in 2011–2012 and
thus partly contributes to the decadal trend of subsurface S.
However, this contribution is smaller compared with the geogra-
phical change of the outcropping region.
Discrepancies between MLS (blue) and thermocline S (black) are
also discernable. The subsurface S has stronger decadal changes (see
also Fig. 5) and weaker year-to-year ﬂuctuations than MLS. Another
process affecting the subsurface S is the yearly subduction rate, which
is the amount of the mixed layer water subducted to the thermocline
each year. If anomalously more salty mixed layer is subducted into the
thermocline, the southeastern Arabian sea will show positive subsur-
face S anomaly. However, the computation of the subduction rate
requires the tracing of each water particle to determine whether it is
the “effectively” detrained to the thermocline (e.g., Qiu and Huang,
1995), which is quite difﬁcult to apply with the 1111 MOAA GPV
data in a coastal region. Alternatively, we computed the integrated
detrainment W (e.g., de Szoeke, 1980),
W ¼ 
ZZ
wmþu ∇hmþ
∂hm
∂t
 
dxdy; ð3Þ
where wm is the vertical velocity at the base of the mixed layer which
is estimated as the Ekman pumping velocity with ERA-Interim wind
data, hm is MLD, u is the geostrophic current at hm. The three terms in
the integration represent respectively the detrainment induced by
vertical advection across the mixed layer base, horizontal advection,
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and MLD variation. W is computed by integrating the three terms in
the time-varying outcropping area. We ﬁnd that W does show
pronounced interannual changes (green in Fig. 6b), and it also
contributes to the 2004–2011 decreasing trend of subsurface S,
because of the positive W anomalies in 2003–2005 and the negative
ones in 2009–2011. Further analysis suggests that the three terms on
the rhs of Eq. (3) have very limited year-to-year variability (not
shown). In fact, the key factor determining yearly-mean W value is
the outcropping area A¼∬ dxdy (pink in Fig. 6b). The outcropping
area is relatively large during 2003–2005 covering more than half of
the Arabian Sea, and shrinks to the northwestern Arabian Sea during
2009–2011 (Fig. 6c). Therefore, W variations are also associated with
the geographical change of the outcropping region. When it covers a
larger high-MLS area, a positive subsurface S anomaly will be
produced through subduction.
We also examined the possible impact from other processes. For
example, lateral geostrophic advection can be estimated through
ADV¼  USxþVSy
 
; ð4Þ
where Sx and Sy are zonal and meridional S gradients. ADV can cause
some of the subsurface S variations, but its contribution is mainly at
biennial period and not likely responsible for the decadal changes (not
shown). Therefore, based on the clues gathered here, variation of the
mixed-layer properties in the northern Arabian Sea, such as spiciness
and density, is likely the primary cause for the quasi-decadal varia-
tions of the thermocline spiciness. The mixed-layer property varia-
bility in the outcropping area is in turn largely inﬂuenced by
atmospheric ﬂuxes. Heat and freshwater ﬂuxes determine not only
the spiciness level of the mixed layer but also mixed-layer density
through buoyancy forcing. Change of mixed-layer density further
leads to geographical variation of the outcropping region and thus
the properties of the water subducted to the thermocline. Besides,
ocean mixed-layer dynamical processes also act to modulate the
mixed-layer property variability. A more in-depth understanding of
the underlying mechanisms requires a careful heat and salt budget
analysis as has been done in Kolodziejczyk and Gaillard (2013), but
such investigation has been beyond the scope of the present study.
This should be examined in the future with more observational data
or numerical models.
3.4. The southern TIO
Behaviors of spiciness anomalies in the southern TIO can be better
observed in a time-longitude plot (Fig. 7a). At the northern front
(11–61S), strong S variations (40.1 psu) with a typical timescale of
2–3 years are generated between 70 and 901E and diffused quickly
as spreading westward. S signals in the western basin are somewhat
smaller in magnitude and lower in frequency. Strong spiciness gra-
dients and large AP variability suggest isopycnal geostrophic advection
as a possible mechanism producing the spiciness anomalies. Between
11 and 61S, large subsurface AP anomalies propagate westward rapidly
from the central to western basin (Fig. 7b). AP has similar timescale
and a close correlation with S. Negative AP anomalies in 2005–2006,
2008, and 2010–2011 are accompanied with positive S anomalies to
their east, while positive AP anomalies in 2006–2007, 2009–2010, and
2012 leave behind negative S anomalies. This can be understood by
considering the meridional advection. Negative (positive) APs drive
southward (northward) anomalous geostrophic ﬂows to their east
(Fig. 7c) which bring the salty NIW from the north (the fresh AAMW
from the south) and produce positive (negative) S anomalies. These AP
anomalies also drive large V anomalies to their west, with opposite
signs to those at 70–901E. This gives rise to out-of-phase S variations
between the western and central basins. However, since the mean
meridional Sy is weaker in the western basin, produced S anomalies
are much smaller in magnitude. Spatial-temporal variations of ther-
mocline AP are strikingly consistent with SSH variations (Fig. 7d).
Their propagation speeds are generally between 16 and 24 cm s1.
These characteristics tally with 1st-mode baroclinic Rossby waves (e.g.,
Chelton and Schlax, 1996; Masumoto and Meyers, 1998). Straight lines
in Fig. 7b indicate the theoretically predicted 1st-mode baroclinic
Rossby wave phase speed CR¼βc2/f2, where β¼∂f/∂y is the mer-
idional gradient of f, and c is the phase speed of baroclinic gravity
wave. Some AP anomalies travel slower than CR, which may be due to
the inﬂuence of high modes or modiﬁcation induced by dissipation
and the background ﬂow (e.g., Qiu et al., 1997; de Szoeke and Chelton,
1999). Interestingly, S anomalies produced at 70–901E also show
westward moving behaviors at a similar speed to AP and SSH. The
mean current is in fact not westward at these latitudes (Fig. 7g) and
hence cannot be responsible for such swift transition. One reasonable
explanation is that the westward moving tendency in S anomaly
reﬂects primarily the Rossby waves’ signatures. As Rossby waves
propagating westward at a zonal S front, it continuously produces
new S anomalies through cross-front advection around them, while
older anomalies are diffused quickly, making up the visual impression
that S signals are moving westward.
One may notice that there are differences in propagation feature
between AP and V, although V is calculated from AP. The propagation
of V looks generally slower than AP. In fact, our estimation of the AP
propagation speed is based on the several well-structured westward
signal tracks. A close inspection of Fig. 7b suggests that there are also
fragmental “stationary” AP anomalies, e.g., the negative one in 2004 in
the central basin, the positive one in 2004 in the eastern basin, and
the positive one in 2008 in the central-to-eastern basin. These AP
anomalies are also wind-driven Rossby waves, but when they move
westward, they are quickly cancelled by the out-of-phase wind forcing
to their west. This speculation is conﬁrmed by the complicated zonal
structure of wind stress curl (WSC) in Fig. 7e. V anomaly, as the zonal
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Fig. 5. Depth-time plots of the low-pass ﬁltered isopycnal salinity anomaly (shown
below the MLD; in psu) and mixed layer salinity anomaly (shown above the MLD;
in psu) at (a) 65.51E, 17.51N and (b) 70.51E, 14.51N in the Arabian Sea. The black thick
curve denotes the unﬁltered monthly MLD, while the two thin curves denote the
unﬁltered 24.0 kg m3 and 25.0 kg m3 isopycnal surfaces. Locations of the two
stations are marked as green dots in Fig. 4. Blank area below the MLD is due to the
occasional outcropping of the isopycnals, where spiciness anomaly cannot be
estimated.
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gradient of AP anomaly, is inﬂuenced by both westward AP tracks and
stationary AP signals, and therefore shows generally smaller
propagation speed.
At the southern front (18–131S), spiciness variations are domi-
nated by decadal changes (Fig. 8a). In the eastern basin (90–1101E),
large positive (negative) S anomalies are produced during 2003–
2007 (after 2012). There are also weaker anomalies generated in
the western basin, such as the positive ones after 2011. Westward
movement speed of S anomalies is visibly much slower than those
at the northern front. Tracking the positive anomaly envelope
across the basin suggests a mean westward speed of 4–5 cm s1,
roughly consistent with the zonal-mean subsurface strength of the
SEC (e.g., Hastenrath and Greischar, 1991). It is interesting that its
movement is accelerated between 2007 and 2009 in the western
basin. This reﬂects the zonal distribution of the SEC (Fig. 8g). It
accelerates from 0–5 cm s1 in the eastern basin to 7–12 cm s1 in
the western basin. AP signals at this latitude range (Fig. 8b) have
larger propagation speed (10–20 cm s1) than S signals which
move with the SEC (4–5 cm s1). All these features suggest that
the advection of the SEC is the primary process translating S
signals westward at the southern front.
During 2003–2008 positive APs dominate the western-to-central
basin. They drive northward anomalous ﬂows in the far eastern basin
(Fig. 8c), which bring the saline STW from the south and produce
positive S anomalies. During 2011–2013, negative APs emerge in the
central basin. They drive northward V anomalies to its west and
southward V anomalies to its east, which in turn lead to positive and
negative S anomalies in the western and eastern basins, respectively.
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AP signals here showmore discrepancies from the corresponding SSH
signals (Fig. 8d), implying more inﬂuence of higher baroclinic modes.
Also, AP and V ﬁelds are more noisy here than at the northern front,
which may be due to the active ocean internal instabilities at these
latitudes (e.g., Jochum and Murtugudde, 2005). This also acts to fuzz
the relationship between AP, V, and S anomalies.
AP and SSH variations at the two fronts can be explained by WSC
changes (Figs. 7e and 8e). Positive (negative) WSCs induce Ekman
downwelling (upwelling) in the southern hemisphere, causing posi-
tive (negative) SSH and subsurface AP anomalies. Besides local wind
forcing in the TIO, the SSH and AP variations are also inﬂuenced by the
eastern boundary forcing. Especially at the southern front, the SSH and
AP anomalies along the western Australia coast cannot be explained
by the overlyingWSC anomalies. A large portion of them are remotely
forced by the ENSO-related western Paciﬁc wind variations. ENSO-
induced wave signals penetrate across the Indonesian Archipelago to
southern TIO, existing as coastal Kelvin waves along the eastern
boundary and radiate free Rossby waves into the interior TIO (e.g.,
Potemra, 2001; Wijffels and Meyers, 2004). For example, negative
(positive) SSH anomalies during 2003–2006 (2010–2012) are related
with the long-lasting warm (cold) ENSO condition during these years,
as indicated by positive (negative) Niño-3.4 values in Fig. 8f. SSH and
AP variations in the interior TIO are therefore inﬂuenced by both local
wind forcing in the TIO and remote wind forcing from the western
Paciﬁc Ocean. We display both Niño-3.4 index and DMI in Figs. 7f and
8f, but it is difﬁcult to distinguish their impacts on AP variability. They
are signiﬁcantly correlated with both indexes, consistent with pre-
vious studies (e.g., Xie et al., 2002; Tozuka et al., 2010; Li et al., 2014).
Therefore, the low-frequency spiciness variations in the southern TIO
are, to a large extent, generated by anomalous geostrophic advection
across the mean spiciness fronts induced by ENSO- and IOD-related
wind forcing.
There are also some S variations cannot be satisfactorily explained
by meridional advection. Zonal advection may also play a role in
producing some of them. However, it is difﬁcult to isolate the relative
contributions of zonal and meridional advections to the S variations in
the anomaly generation areas (Fig. 9a and d). It can be seen that U
anomalies (Fig. 9c and f) are larger in magnitude than V anomalies
(Fig. 9b and e). On the other hand, themeridional salinity gradient Sy is
one order greater than the zonal salinity gradient Sx. It is noticeable
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that U and V anomalies are ampliﬁed at low latitudes, and low-
latitude signals seem to lead the higher-latitude signals. Those features
are compatible with long Rossby waves (e.g., Masumoto and Meyers,
1998). For the same wave amplitude, if measured by AP anomaly
magnitude, geostrophic current anomalies are larger at low latitudes
because of smaller f. Also wave signals propagate faster at low
latitudes, leading to the meridional tilt of U and V anomalies in Fig. 9.
To assess the contribution of geostrophic advection to total S
variations, we calculate and compare ADVwith the temporal tendency
of salinity St¼∂S/∂t in the two most important anomaly generation
areas. Between 70 and 901E at the northern front (Fig. 10a), the low-
pass ﬁltered ADV and St have similar amplitudes (0.41/0.37 in STD)
and a linear correlation of r¼0.71 (499% conﬁdence level). The zonal
and meridional components,
ADVx ¼ USx and ADVy ¼ VSy: ð5Þ
have similar degrees of contribution to total ADV (Fig. 10b). Their
amplitudes are roughly the same, and their correlations with the total
ADV are both as high as r¼0.91. These results suggest that zonal and
meridional geostrophic advection is the primary generation mechan-
ism for spiciness variations at the northern front. The situation is
somewhat different at the southern front. Between 90 and 1101E, ADV
has a large-enough amplitude for causing St changes (Fig. 10c), and
their correlation is r¼0.49 (495% conﬁdence level). Geostrophic
advection is at least one of the primary causes for the spiciness
variations at the southern front. In this area, ADVy is more important
than ADVx, although contributions of both are signiﬁcant (Fig. 10d).
The degraded ADV/St correlation at the southern front may be due to
the effect of ocean internal processes, such as the active mesoscale
eddies and turbulent mixing in the southeastern subtropical Indian
Ocean (e.g., Jochum and Murtugudde, 2005; Cole and Rudnick, 2012).
Also, the southern front has been close the outcropping area in the
south, local generation though vertical processes, such as spice
injection (Yeager and Large, 2004), may also play a role in producing
spiciness variations, which demands further investigation in the
future.
4. Discussion
To some extent, assessing the potential effect of the thermocline
spiciness variability on SST is of more importance than understanding
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its generation mechanism. In this section, we attempt to examine such
effect in the SCTR region which is important in the TIO air–sea
interaction (e.g., Xie et al., 2002; Annamalai et al., 2005; Vialard et al.,
2009). Fig. 11a and b shows the temporal evolutions of the vertical
thermal structure for the western part (SCTR-W; 55–701E) and eastern
part (SCTR-E; 70–851E) of the SCTR. With pronounced seasonal and
interannual variations, MLD ﬂuctuates between 20 and 50m, while
the 24.0 kg m3 isopycnal is between 50 and 90m. Because MLD and
the thermocline show generally in-phase variation due to the nature
of wave adjustment (e.g., Li et al., 2014), there is always a vertical
distance of 25–40m between them.
Fig. 11c shows the time-longitude plots of the subsurface potential
temperature θSUB (24.0–25.0 kg m3). Similar to the salinity variations
in Fig. 8a, large θSUB variations of 0.2–0.4 1C are generated at 70–901E,
while those in the western basin are rather weak. As a result, the
SCTR-E region is more inﬂuenced by subsurface spiciness variations
than the SCTR-W region. On the other hand, MLT changes (Fig. 11d), as
a good representative of SST according to the comparison with the
Hadley Centre Sea Ice and Sea Surface Temperature data set (HadISST)
(Rayner et al., 2003), are visibly stronger than θSUB. Close inspection
reveals that MLT changes in the SCTR are associated with the
thermocline depth variations (represented by the mean depth of the
24.0–25.0 kg m3 layer), with warming (cooling) anomalies accom-
panied with deeper (shallower) than normal thermocline. This is in
line with the notion that in the SCTR region low-frequency MLT (or
SST) variability is tightly coupled with thermocline dynamics (e.g., Xie
et al., 2002). Spiciness variations affect MLT variability mainly by
altering the vertical temperature difference between the mixed layer
and thermocline, Δθ. Li et al. (2014) showed that the amplitude of
intraseasonal SST variability in the SCTR-E region is sensitive to the
slow changes of the background temperature stratiﬁcation. Here, we
deﬁne Δθ simply as the difference between MLT and θSUB, Δθ¼MLT–
θSUB. In the SCTR-W region (Fig. 11f), Δθ (STD¼0.17 1C) is predomi-
nately determined by MLT (STD¼0.17 1C; r¼0.85), while the θSUB
impact is relatively smaller (STD¼0.08 1C; r¼0.28).
In the SCTR-E region (Fig. 11g), the effect of θSUB (STD¼0.11 1C) on
Δθ (STD¼0.27 1C) is much more signiﬁcant (r¼0.75). θSUB has a
negative correlation with Δθ and MLT. It means that subsurface
spiciness provides a possible negative feedback for the low-frequency
MLT variability in some years. Warm (cold) MLT tends to encounter
negative (positive) subsurface spiciness which acts to damp the MLT
perturbation through vertical entrainment and mixing. This effect is
different from the well-known thermocline feedback (e.g., Xie et al.,
1989, 2002; Neelin et al., 1998) which acts to amplify SST perturba-
tions. The effect of θSUB on Δθ is evident only during the 2006–2007
and 2010–2011 events. Interestingly, there are strong positive events of
both ENSO and IOD during 2006–2007 and negative events during
2010–2011 (Fig. 11e), which are the only two events with concurrent
in-phase ENSO and IOD conditions during the observation period. In
other events, such as the 2012 one, even thoughMLTanomaly achieves
large magnitudes, the thermocline spiciness has rather weak changes.
This can be understood by considering the distinct generation
mechanisms of MLT and θSUB anomalies. The MLT variability in the
SCTR region is directly produced by the upwelling/downwelling Rossby
waves. The MLT anomalies in Fig. 11d closely follow the thermocline
depth changes (e.g., Xie et al., 2002). On the other hand, large
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thermocline spiciness anomalies are mainly produced by anomalous
meridional geostrophic current (recall Fig. 7) which is driven by the
zonal gradient of thermocline depth (or AP). In Fig. 11c, it is clear that
the large θSUB anomalies in 2006–2007 and 2010–2011 emerge to the
east of maximal thermocline depth changes. As a result, in Fig. 11g,
there is a several months’ phase lag between positive (negative)
MLT and negative (positive) θSUB anomalies. Rechecking Fig. 7 suggests
that during 2006–2007 event, AP/SSH anomaly is positive in the
central basin due to the positive IOD, while they are negative near the
eastern boundary due to the concurrent El Niño (upwelling wave
signals penetrated to the southern TIO through the Indonesian
Archipelago). The large zonal gradient between them leads to large
northward V anomaly and thus negative spiciness anomaly. During
2010–2011, the situation is absolutely reversed, and large positive
spiciness anomaly is produced. In other years, similar condition is not
sufﬁciently satisﬁed. For example, in 2012, although the positive IOD
induces positive AP/SSH anomaly in the central basin, the warm ENSO
event is too weak to induce negative AP/SSH anomaly near the eastern
boundary. Therefore, V anomaly and spiciness anomaly are relatively
weaker.
In spite of these interesting relationships, we have to state that the
impact of θSUB on MLT does not seem to be signiﬁcant. First, because
of the 25–40 m vertical distance, it is difﬁcult to directly entrain water
from the 24.0–25.0 kg m3 layer to the mixed layer. Second, MLT
variations are much stronger than θSUB and dominate Δθ changes
(r¼0.93 in the SCTR-E). The relationship proposed here is based on
rather preliminary discussion. It functions only in the SCTR region. In
other regions, such as the southern front, the thermocline is much
deeper (Fig. 2c), leaving the mixed layer even more invulnerable to
thermocline spiciness variability.
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5. Summary
Subsurface spiciness variations are believed to be potentially
important in modulating the tropical SST and climate variability. In
this study we examine the low-frequency (interannual-to-decadal)
spiciness variability in the main thermocline (σθ¼24.0–25.0 kg m3)
of the TIO by analyzing data from the MOAA GPV product and satellite
measurements during 2003–2014. Spatial and temporal characteris-
tics, generation mechanism, and possible impact on SST of the
thermocline spiciness variations are described. Primary ﬁndings are
as follows.
(1) According to our analysis of the MOAA GPV data, thermocline
spiciness variations in the TIO have been documented by Argo
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and other in-situ measurements. Low-frequency isopycnal θ
and S variability with STD values of 0.2 1C and 0.08 psu are
detected in the southeastern Arabian Sea and the southern
TIO, which are comparable with those observed in the Paciﬁc
basin. Salinity signals are well above the 0.02–0.04 psu inter-
polation error and O(0.01 psu) measurement precision.
(2) In the southeastern Arabian Sea, spiciness variations are
dominated by a decadal trend, showing positive anomalies in
2003–2006 and negative anomalies in 2008–2013. These
variations are conﬁned north of the equator. Large anomalies
(40.15 psu) emerge in the southeastern Arabian Sea, close to
the outcropping area of the σθ¼24.0–25.0 kg m3 layer.
Further analysis suggests that the variation of the mixed layer
property in the northern Arabian Sea is the primary cause for
the subsurface spiciness decadal trend. It leads to changes in
not only the spiciness but also the amount of the mixed layer
detrained down to the thermocline.
(3) Spiciness in the southern TIO exhibits maximal variance at two
zonal fronts formed by the convergence of three thermocline
water masses: the salty NIW, the fresh AAMW, and the salty STW.
At the northern front (6–111S), large anomalies (40.1 psu) at 2–3
year periods emerge between 70 and 901E, showing a seemingly
westward moving tendency and quick diffusion, which reﬂect
mainly the signatures of the 1st baroclinic mode Rossby waves. At
the southern front (18–131S), variations are generally weaker and
dominated by quasi-decadal signals. They move westward at
4–5 cm s1 across the TIO basin via the advection of the SEC.
(4) Further analysis reveals that ENSO- and IOD-related wind-
driven geostrophic advection is a major cause for the thermo-
cline spiciness anomalies in the southern TIO, especially at the
northern front. Both zonal and meridional advections have
signiﬁcant contribution.
(5) Thermocline spiciness variations in the SCTR can alter the
vertical temperature different Δθ between the mixed layer and
thermocline, although its impact on SST variability does not
seem to be signiﬁcant.
Upon ending the description of this study, we need to note that
results presented in this study are based on analysis of available in-situ
observations. Limited by the quantity and quality of the observations,
some estimation reported here are rather rough. This paper however
provides the ﬁrst description for the pronounced thermocline spici-
ness variations in the Indian Ocean basin, while those in the Paciﬁc
basin have been reported by many studies. Conclusions and specula-
tions made here should be examined with further accumulated data
or numerical models. Reasonably designed parallel model experi-
ments isolating effects of different processes will be useful for under-
standing the underlying physics, which is our underway work.
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